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[1] A coupled atmosphere-ocean-sea ice-land surface-ice sheet model of intermediate complexity, the so-called McGill
Paleoclimate Model, is employed to study the response of the thermohaline circulation (THC) to various global climate
coolings, which are realized by increasing the present-day planetary emissivity to various values. Generally, it is found
that the response of the THC to global cooling is nonlinear: For a slightly cold climate the THC in the North Atlantic
and the Pacific upwelling become intensified. For a very cold climate the THC in the North Atlantic may be weakened
or even collapsed. The associated Pacific upwelling for a very cold climate also becomes weak when the THC is
weakened, and intermediate deep water may form in the Pacific when the THC is collapsed. Some support for this
nonlinear response is found in recent paleoceanographic data. The reduced atmospheric poleward moisture transport due
to the global cooling is mainly responsible for the intensification of the THC in the North Atlantic for a slightly cold
climate. For a very cold climate the global cooling may lead to a decrease of the meridional surface density gradient
and an increase of the vertical density difference (lower layer density minus upper layer density) in the deep water
formation region, which can weaken or shut down the THC. It is the temperature-dependent part of the density differences
that is mainly responsible for the weakening or shutting down of the THC. The potential influence of surface
temperature changes must be taken into account for a full understanding of the role of the THC in the climate
system. INDEX TERMS: 4267 Oceanography: General: Paleoceanography; KEYWORDS: Thermohaline circulation;
cold climates; EMIC; ODP Site 980; MPM; nonlinear response
1. Introduction
[2] The global ocean thermohaline circulation (THC) plays an
important role in the climate system because of its ability to
transport heat poleward. For this reason, variations in the THC
transport and structure are of great interest for climate change
studies. During the past decade the effects of global warming on
the THC have been investigated using coupled global circulation
models (GCMs), Earth system models of intermediate complexity
(EMICs), and simple (box) climate models [e.g., see Manabe et al.,
1991; Manabe and Stouffer, 1994; Stocker and Schmittner, 1997;
Rahmstorf and Ganopolski, 1999; Wang and Mysak, 2000;
Houghton et al., 1997]. The effects of global cooling on the
THC have also been studied based on proxy data and climate
models. Sarnthein et al. [1994] reconstructed the ocean circulation
and ocean surface conditions during the Last Glacial Maximum
(LGM). Seidov et al. [1996] simulated the ocean circulation during
the LGM in an ocean only model using reconstructed ocean surface
conditions. Manabe et al. [1991] integrated a coupled GCM for
100 years with the atmospheric CO2 concentration reduced by
1%/yr (compounded) and found that this resulted in an intensified
THC. Ganopolski et al. [1998] simulated the THC during the LGM
using the CLIMBER-2 model with the appropriate LGM condi-
tions for ice sheets and atmospheric CO2 concentration prescribed.
Weaver et al. [1998] coupled an energy-moisture balance model
(EMBM) to an ocean GCM and also simulated the THC during the
LGM with prescribed forcing conditions. However, the response of
the THC to a wide range of cold climates has never been
investigated with a global climate model. The main purpose of
this paper is to fill this gap in the literature using a new
paleoclimate model of intermediate complexity [Wang and Mysak,
2001; Mysak and Wang, 2000].
[3] As a first step in this direction, Winton [1997] coupled a
zonally averaged, one-basin ocean model to an energy balance
model (EBM) to study the response of the THC to various cold
climates. As the climate gets colder, Winton found that the THC
weakens monotonically. He argued that a cold climate may lead to
the cooling of the deep ocean and hence a denser deep water. Such
denser deep water may prohibit deep convection, which drives the
THC. However, because Winton [1997] employed an idealized
one-basin ocean model, the global conveyor belt cannot be
simulated in his model. Also, an active atmospheric hydrological
cycle and the growth and decay of continental ice sheets are
neglected. Moreover, the role of sea ice in the energy and water
budget in the climate system is neglected.
[4] A second purpose of this paper is to consider paleoceano-
graphic evidence for THC modes associated with a range of
climatic conditions, particularly those of extreme cold climates.
During the last 0.5 million years, orbital forcing and internal
mechanisms have combined to produce a range of climatic
regimes. This range includes not only intermediate states between
the modern Holocene interglaciation and the LGM but also climate
states that may have exceeded the severity of the LGM. The global
glaciation of marine isotope stage 12 (MIS 12), 420–440 kyr
ago, provides a good example of such an extreme climate for
comparison with the model results.
[5] In this paper, we employ a new five-component paleoclimate
model [Wang and Mysak, 2001] (hereinafter referred to as WM) to
study the response of the THC to a range of cold climates. The
model consists of an EMBM of the atmosphere coupled to a three-
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basin zonally averaged ocean model, a sea ice model, a land
surface model, and a dynamic ice sheet model. This model is
termed the McGill Paleoclimate Model (MPM) (for further details,
see WM and Mysak and Wang [2000] (hereinafter referred to as
MW)). In addition to the general reasons given above for this
study, we are particularly interested in carrying out the following:
(1) simulating, for the first time, the THC modes corresponding to
the range of cold climates that occurred from the time of initiation
of the last glacial (115 ka) to the time of the LGM (21 ka) and those
modes also corresponding to extreme cold climates of other peak
glacial periods; (2) testing the robustness of the MPM by subject-
ing it to a large set of sensitivity experiments; (3) comparing the
MPM model results with those of other cold climate model
simulations; and (4) comparing the simulated cold climate THC
modes with those inferred from paleoceanographic data collected
from ocean sediment cores.
[6] The remainder of this paper is structured as follows. In
section 2 the MPM used is briefly described. In section 3 the THC
modes under various cold climate forcings are presented along
with their paleoclimate evidence. In section 4 the mechanisms that
explain the different THC modes are analyzed. Conclusions are
given in section 5.
2. Brief Description of the McGill Paleoclimate
Model (MPM) and Integration Scheme
[7] In the work by Wang and Mysak [2000] a four-component
(atmosphere, ocean, sea ice, and land surface) climate model is
developed, which incorporates a variable solar forcing and a
seasonal cycle. Three ocean basins, the Antarctic Circumpolar
Current region, and the major continents are resolved. However,
there is neither an Arctic Ocean nor an Antarctic continent in the
model [see Wang and Mysak, 2000, Figure 1]. In WM a dynamic
ice sheet model with bedrock depression is coupled to the above
four-component climate model to produce the five-component
MPM. In the MPM, in each 5 latitude band, the model variables
are sectorially averaged across the different ocean basins and
continents. Below, these five components are briefly described.
2.1. Atmosphere Component
[8] The atmosphere is represented by an EMBM, which is a
significant modification of the model of Fanning and Weaver
[1996]. The present-day monthly mean solar radiation is prescribed
at the top of the atmosphere. The monthly mean planetary
emissivities are objectively determined from the observed
present-day outgoing longwave radiation and the surface air
temperature (SAT). The meridional energy and moisture transports
are parameterized by a combination of advection and diffusion
processes. The zonal heat transport between land and ocean obeys
a diffusion law, while the zonal moisture transport is parameterized
so that the ocean always supplies moisture to the land. The heat
exchanges between the atmosphere and the underlying surface are
in the form of longwave radiation and sensible and latent heat. The
atmosphere obtains moisture from the underlying surface through
evaporation or sublimation. If the relative humidity exceeds a
critical value, the excess water vapor will condense and precipitate
out, bringing the humidity down to the critical value and releasing
latent heat to the atmosphere.
2.2. Ocean Component
[9] In the ocean model, whose domain extends from 75S to
75N in the Atlantic sector, zonally averaged advection-diffusion
equations for temperature and salinity are employed to predict their
time evolution. The velocity components are diagnosed from
zonally averaged momentum equations and the continuity equation
[Wright and Stocker, 1991]. The equation of state is nonlinear
[Wright, 1997], and the convective adjustment scheme is taken
from Schmidt and Mysak [1996]. The meridional overturning
stream function is diagnosed from the velocity components.
Monthly mean wind stress from Hellerman and Rosenstein
[1983] is applied to the top layer of the model. The zonally
averaged east-west pressure gradient is parameterized in terms of
the meridional pressure gradient [Wright and Stocker, 1991].
2.3. Sea Ice Component
[10] We employ a zero-layer thermodynamic sea ice model
without snow in which the sea ice surface temperature and mean
thickness are calculated according to Semtner [1976], and the ice
concentration is predicted using the method of Hibler [1979]. The
processes of sea ice advection and diffusion are also included; the
prescribed meridional advection velocity of sea ice is taken from
Harvey [1988].
2.4. Land Surface Component
[11] The snow-free land surface temperature is predicted using
an energy budget equation under the assumption that the heat
capacity of the snow-free land is equivalent to a water depth of 2 m
[Ledley, 1991]. The snow-covered land surface temperature is
predicted using an energy balance equation which neglects the
heat capacity of the snow. The snow may accumulate if there is
snowfall and the land surface temperature falls to the freezing
point. The snow depth is predicted by considering the snow fall,
snowmelt, and the sublimation of the snow. The soil moisture and
runoff are predicted using the well-known bucket model [Manabe,
1969].
2.5. Ice Sheet Component
[12] A vertically integrated mass conservation equation is
employed to predict the ice sheet thickness, from which the
meridional ice sheet velocity is diagnosed. This equation was first
developed by Oerlemans [1981] and then further refined by Galle´e
et al. [1992], who introduced a particular form for the lateral
discharge in the east-west direction. The bedrock depression is
predicted from the approximate isostatic adjustment theory used by
Peltier and Marshall [1995]. The net accumulation rate is derived
from calculating the snow accumulation in the land surface model
which, however, takes into consideration the ice sheet elevation-
SAT feedback.
2.6. Numerical Integration Scheme
[13] The EMBM, land surface model, and sea ice model are first
spun up together under the forcing of monthly mean solar radiation
at the top of the atmosphere [Berger, 1978] and the zonally
averaged monthly mean sea surface temperature (SST) [Levitus,
1982]. These models are integrated for 30 years to reach an
equilibrium. The ocean model is spun up by restoring the mixed
layer temperature and salinity to their observed zonally averaged
surface monthly mean values [Levitus, 1982] and by applying the
zonally averaged Hellerman and Rosenstein [1983] monthly mean
surface wind stress. The ocean model is integrated for 5000 years to
reach an equilibrium. The time step for the EMBM, land surface,
and sea ice model is 6 hours, while for the ocean model it is 15 days.
[14] After the equilibrium states are obtained, the ocean model is
coupled to the combined EMBM, land surface, and sea ice model
using flux adjustments [Manabe and Stouffer, 1988, 1994; Gordon
and O’Farrell, 1997]. Since the equilibrium model ocean temper-
ature in the mixed layer is different from the observed SST under
the restoring boundary conditions, the difference between them is
calculated and employed to adjust the model mixed layer temper-
ature to be equal to the observed SST. This is similar to the
procedure used by Gordon and O’Farrell [1997]. The application
of this adjustment is necessary because the EMBM is forced by the
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SST, which is different from the model mixed layer temperature,
and at high latitudes the difference is quite large, and therefore an
unrealistic sea ice extent would result. Once the year-round snow
cover appears due to the cooling in the northern high latitudes, the
ice sheet model is coupled to the other four components. The net
ice accumulation rate is derived from the land surface component.
The time step for the ice sheet model is 10 years.
3. Response of the THC to Various Cold Climates
3.1. Realization of Cold Climates
[15] The Earth’s climate state is significantly controlled by
variations in the seasonal distribution of solar energy incident
upon the top of the atmosphere [e.g., Milankovitch, 1930, 1941].
This ‘‘Milankovitch’’ forcing mechanism is widely believed to be
the most important factor responsible for the timing of Quaternary
ice ages [e.g., Hays et al., 1976; Imbrie et al., 1984]. However,
Milankovitch forcing is relatively weak on the global scale, and
hence the adequate simulation of cold climates cannot be realized
without the incorporation of many internal feedbacks in the climate
system, which involve ice, albedo, water vapor, atmospheric CO2
concentration, clouds, winds, and vegetation among other ele-
ments. Because these feedbacks are not all incorporated into the
MPM, cold climates are realized in the model by simply increasing
the present-day planetary emissivity [Wang and Mysak, 2000]
globally and uniformly. This emissivity is increased gradually
and linearly over a 5000-year interval until it reaches a prescribed
value, which is maintained for another 15 kyr of model integration.
Results are presented as the means of the last 5 kyr of the 20-kyr
model run. In a future extension of the MPM, feedbacks such as
the water vapor-temperature feedback, CO2-temperature feedback,
and cloud-climate feedback will be included, so that the model may
be run under the Milankovitch forcing alone.
3.2. Model Results
[16] The planetary emissivity is increased in the above manner by
1%, 2%, 3%,. . ., 10% for 10 sensitivity experiments, respectively.
(Note that the radiative forcing for a large increase of the planetary
emissivity is quite large if it is calculated using equation (C2) of
Wang and Mysak [2000]. However, since some internal feedbacks,
such as water vapor-temperature feedback and cloud-climate feed-
back, are excluded, a large radiative forcing may compensate the
roles these feedbacks would play.) Hence various cold climates are
realized. Table 1 lists the global mean SATs at the end of the model
run (the last 5-kyr mean) corresponding to various increases of the
planetary emissivity. (For the control run, which simulates present-
day conditions, the global mean SAT is 16.27C, and the maximum
THC intensity is 18.9 Sv.) Figure 1 shows the maximum THC
intensity in the North Atlantic (the last 5-kyr mean) versus global
mean SAT (the last 5­kyr mean) for these 10 experiments. As the
climate is first cooled down, the THC becomes intensified. How-
ever, after the global mean SAT drops to 12.58C and the maximum
stream function of the THC reaches 25 Sv, the intensity of the THC
starts to decrease. For a very large drop (over 8C) of the global
mean SAT (probably not realized during a glacial period) the THC
finally collapses. From Figure 1, we may conclude that a slightly
cold climate leads to an intensified THC, while a very cold climate
may lead to a not strong or even collapsed THC. The latter result
only is similar to that found by Winton [1997].
[17] Figure 2 shows the meridional stream function patterns (last
5-kyr means) in the Atlantic and the Pacific Oceans for the control
run (global mean SAT of 16.27C) (Figures 2a and 2b), a 2%
planetary emissivity increase (global mean SAT of 12.58C)
(Figures 2c and 2d), a 5% increase (global mean SAT of 9.65C)
(Figures 2e and 2f ), and an 8% increase (global mean SAT of
7.27C) (Figures 2g and 2h). For the slightly cold climate (Figures
2c and 2d) the THC in the North Atlantic is intensified, and the
northward penetration of the Antarctic Bottom Water (AABW) is
slightly reduced. The upwelling in the Pacific Ocean is also
intensified in this case, which is consistent with a strong conveyor
belt. For a colder climate (Figures 2e and 2f) the maximum stream
function value is very close to that of the control run and the depth
of the North Atlantic Deep Water (NADW) formation is almost the
same as in the control run. For the extremely cold climate (global
mean SAT dropping to 7.27C) the THC is collapsed, and
intermediate deep water formation (down to 2000 m) occurs in
the Northern Pacific. The latter may be due to the very cold
Northern Pacific water. Marotzke and Willebrand [1991] also
found deep water formation in the North Pacific when the North
Atlantic THC collapses by perturbing the freshwater forcing.
[18] Note that for two of the cold climate runs (Figures 2c and
2d and 2e and 2f) the NADW formation region shifts southward to
62.5N, which is mainly due to the insulation effect of the sea ice
cover on the air-sea heat exchange. In the LGM simulation of
Ganopolski et al. [1998] the NADW formation region shifts
southward to 45N, while in that of Weaver et al. [1998], the
NADW formation region during the LGM remains the same as that
during the present day. However, if we increase the sea ice
advection velocity (this velocity is prescribed as the present-day
value [see Wang and Mysak, 2000]) by four times, the NADW
Figure 1. The maximum thermohaline circulation (THC) in-
tensity in the North Atlantic (last 5-kyr mean) versus the global
mean surface air temperature (SAT) (last 5-kyr mean).
Table 1. Global Mean SATs (Last 5-kyr Means) Corresponding to
Various Increases of the Planetary Emissivitya











aFor the control run the global mean SAT is 16.27C.
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formation region shifts back to the original location as shown in
Figure 2a (not shown). For the 5% planetary emissivity increase
run (Figures 2e and 2f) the sea ice in the North Atlantic Ocean may
advance to 57.5N in winter. The increase of the sea ice advection
velocity leads to an enhanced southward freshwater transport. This
increases the surface salinity in the very northern high latitudes and
decreases the surface salinity in the relatively southern region or
sea ice margin. (This brine rejection effect was studied by Loh-
mann and Gerdes [1998] and was thought to be minor; however,
another study [van Kreveld et al., 2000] showed the importance of
this effect.) This means that deep water may form under the sea ice
for quite a large southward sea ice transport in the MPM. However,
without the incorporation of the sea ice advection process, Weaver
et al. [1998] also simulated deep water formation under the sea ice.
Recent reconstruction data [Dokken and Jansen, 1999] show that
during cold phases (stadials) of the latter part of the last glacial
Figure 2. The annual mean stream function patterns (last 5-kyr means) for the Atlantic Ocean (Figures 2a, 2c, 2e,
and 2g) and Pacific Ocean (Figures 2b, 2d, 2f, and 2h) corresponding to four global mean SATs: (a and b) 16.27C,
(c and d) 12.58C, (e and f ) 9.65C, and (g and h) 7.27C. The contour interval is 2 Sv.
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period (60–10 kyr ago), the North Atlantic Deep Water (NADW)
might be driven by salt rejection when sea ice formed. A more
accurate simulation of the NADW formation location needs a
better resolution of air-ocean-sea ice interactions.
[19] It is also worth pointing out that in the work ofWeaver et al.
[1998] a 3.2C drop of the global mean SAT leads to the
weakening of the THC in the North Atlantic by 6 Sv, while in
the work of Ganopolski et al. [1998] the 6.2C drop of the global
mean SAT does not change the maximum intensity of the THC in
the North Atlantic. In the MPM results (Figure 2e) the 6.62C drop
of the global mean SAT also leads to no change of the maximum
intensity of the THC in the North Atlantic.
[20] Corresponding North Atlantic Ocean temperature and
salinity fields (last 5-kyr means) are shown in Figures 3 and 4,
respectively, for the control run and for 2, 5, and 8% increases of
the planetary emissivity. (The present-day (control run) temper-
ature and salinity fields in the other oceans are given by Stocker
et al. [1992].) As the global mean SAT drops, in the southern
high latitudes, the 0C contour shifts northward; in the northern
high latitudes the 5C contour shifts southward. Both indicate the
equatorward expansion of sea ice. Another important feature is
that the deep ocean temperature drops as the SAT drops. In
Figure 3d, owing to the collapse of the THC the cold Antarctic
Bottom Water (AABW) penetrates extremely northward, and the
deep ocean becomes very cold. Figure 4 shows that the ocean
salinity generally becomes larger as the SAT drops mainly due to
the growth of continental ice and formation of sea ice. In Figure
4d the northern high latitudes become very fresh owing to the
significantly reduced northward salt transport for a collapsed
THC.
[21] Figure 5 shows the latitudinal distributions of the SAT for
the control run and for 2, 5, and 8% increases of the planetary
emissivity. As the emissivity increases, the SAT drop is quite
uniform with latitude, except in the northern high latitudes for the
control run as compared to the 2% increase run. In this region the
SAT drop from the control run to the 2% increase run is
relatively large, mainly because of a significant southward
advance of sea ice in the North Atlantic Ocean and the growth
of ice sheets. In the Southern Hemisphere, for the 5 and 8%
increase runs, the SAT drop is much smaller than that in the
Northern Hemisphere because of the collapse of the THC. This is
mainly due to the significant heat transport to the Southern
Hemisphere for a collapsed THC [see Stocker, 2000; Wang and
Mysak, 2000, Figure 18].
[22] Figure 6 shows the latitudinal distribution of the atmos-
pheric meridional transports of the sensible heat (Figure 6a) and
moisture (Figure 6b) for the four global mean SAT values used in
Figure 5. The changes of the sensible heat transport in the lower
latitudes are small, mainly because the meridional wind is pre-
scribed in that region (as well as everywhere else). However, the
increases of the sensible heat transport in the middle and high
latitudes are relatively large because of the increased meridional
temperature gradients. In contrast, both the equatorward moisture
transport in the lower latitudes and the poleward moisture transport
in the middle latitudes are reduced as the climate is cooled down.
The reduction of the equatorward moisture transport is mainly due
to the drop of the moisture content for cold climates, while the
reduction of the poleward moisture transport is largely due to the
decrease of the meridional surface specific humidity gradient
[Wang and Mysak, 2000].
Figure 3. The annual mean temperature field for the Atlantic Ocean corresponding to four global mean SATs:
(a) 16.27C, (b) 12.58C, (c) 9.65C, and (d) 7.27C. The contour interval is 1C below 10C or 2C above 10C.
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3.3. Evidence for Cold Climate THC Modes
From Paleoclimate Data
[23] The response of the THC to various cold climates in the
MPM suggests that the inception phase or early stage of a glacial
period is likely to be associated with a strong THC and that during
a peak glacial period the THC would not be stronger than the
present-day THC. The model results also imply that once the
climate is very cold, additional cooling would only further weaken
the THC and even lead to a collapsed state.
[24] A number of paleoclimatic reconstructions of the glacial
North Atlantic have demonstrated that during the cold condi-
tions of the LGM, intermediate waters were ventilated from the
north, while deep waters had a stronger southern source influ-
ence [Boyle and Keigwin, 1987; Oppo and Fairbanks, 1987;
Duplessy et al., 1988; Oppo and Lehman, 1993; Sarnthein et
al., 1994]. Although it can be argued that such a vertically
partitioned configuration might be associated with a similarly
vigorous THC as during warm times [e.g., Yu et al., 1996],
other lines of evidence indicate that a weakened THC charac-
terized the cold LGM [e.g., Shackleton et al., 1988; Lynch-
Steiglitz et al., 1999].
[25] For comparison of the model results with a range of
paleoclimate data we have chosen the 0.5 million year record from
ODP Site 980 [Oppo et al. , 1998; McManus et al., 1999], which extends
beyond the LGM into previous glaciations of varying severity.
Foraminiferal stable isotopes at this high-sedimentation site in the
North Atlantic provide, at one location, detailed evidence for
global glaciation, regional SST, and deep water mass influences
associated with the THC (Figure 7). Although no single record can
document global atmospheric mean temperatures, Site 980 SST
compares favorably with records from other regions [McManus et
al., 1998, 1999].
[26] The 0.5 million year interval includes five large glacial
cycles of 100 kyr, paced by orbital eccentricity. Benthic d18O
clearly delineates the glacial (even) and interglacial (odd) marine
Figure 4. The annual mean salinity fields for the Atlantic Ocean corresponding to four global mean SATs: (a)
16.27C, (b) 12.58C, (c) 9.65C, and (d) 7.27C. The contour interval is 0.1 psu for Figures 4a–4c, while for Figure
4d it is 0.1 psu if salinity is >35 psu, 0.2 psu if salinity is <35 psu and >34 psu, and 0.4 psu if salinity is <34 psu.
Figure 5. The latitudinal profiles of the SAT corresponding to
four global mean values of 16.27C (solid line), 12.58C (dot-
dashed line), 9.65C (dotted line), and 7.27C (dashed line). These
correspond to the control run and to 2, 5, and 8% increases of the
planetary emissivity, respectively.
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isotope stages (MIS). At Site 980, as in previous comparisons [e.g.,
Shackleton, 1987; Raymo, 1997], MIS 1, 5e, 9, and 11 are the most
extreme interglacial intervals, and MIS 2, 6, 10, and 12 are the
most glacial, with MIS 12 being the most extreme.
[27] Estimates of SST were previously derived from foramini-
feral d18O, adjusted by a varying portion of benthic d18O to
account for ice volume and deep ocean temperature [McManus et
al., 1999]. The SST values display significant oscillations (3–
6C) on short timescales and even larger glacial-interglacial (G-
IG) contrasts. At this site the LGM was 8C colder than the
subsequent warm Holocene interglacial. MIS 4, 6, 8, and 10 also
experienced SST depressions of 6–8C. The coldest SST
occurred during MIS 12 and represented 10C of cooling.
Warm SST, reaching 14–15C, characterized each peak inter-
glacial interval. Slightly cooler temperatures (11–13C) occurred
throughout the record, particularly during intervals of nonpeak
interglaciations, such as much of MIS 5a-d, late MIS 7, late MIS
9, and MIS 13.
[28] Benthic foraminiferal d13C from Site 980 is applied as a
proxy for the strength of the THC [Oppo et al., 1998; McManus et
al., 1999] while acknowledging that it is also sensitive to the
potentially competing influences of long-term modulation of the
carbon cycle [e.g., Sarnthein and Tiedemann, 1989], redistribution
of organic carbon among global reservoirs [Shackleton, 1977], air-
sea exchange fractionation [Broecker and Peng, 1982; Lynch-
Steiglitz and Fairbanks, 1994], preformed nutrient content of the
ventilating waters [e.g., Oppo and Fairbanks, 1987; Charles and
Fairbanks, 1992], episodic productivity [Mackensen et al., 1993]
and carbonate ion concentration [Spero et al., 1997]. For these
reasons, the d13C at Site 980 must be considered merely as a
qualitative assessment of the bottom water nutrient signature and
one that also integrates other influences in addition to the THC
intensity.
[29] Both the SST and the benthic d13C oscillate throughout the
last 0.5 million years, consistent with a persistent climate-ocean
variability on millennial timescales [McManus et al., 1999]. The
glacial intervals display the most SST variability and also the
coldest temperatures. They are also generally associated with
the lowest d13C and therefore a weaker THC. Because the glacial
d13C values typically contrast with interglacial values by 0.5–1%,
they exceed the inferred 0.3% change due to carbon redistribution
[Shackleton, 1977; Duplessy et al., 1988] and must also have an
important component of a weakened THC. This association of
diminished THC with the cold SST of glaciation has long been
noted [e.g., Mix and Fairbanks, 1985; Boyle and Keigwin, 1987;
Boyle and Rosener, 1990]. An important point here is that while
the observed SST changes may be interpreted as being driven by
THC changes, they are also consistent with the MPM results
predicting that limited strength of THC may also be a response
to climate conditions, rather than a cause. In reality, there is likely
Figure 6. The meridional atmospheric (a) sensible heat transports and (b) moisture transports corresponding to
four global mean SAT values of 16.27C (solid line), 12.58C (dot-dashed line), 9.65C (dotted line), and 7.27C
(dashed line).
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to be a THC-climate feedback that converges on preferred SST-
THC modes. The MPM result here demonstrates the climate-driven
component.
[30] Prominent increases in d13C are associated with the
moderate temperatures that occur within the G-IG cycles follow-
ing the initial peak SST of MIS 7, 9, and 11. During MIS 13,
similarly moderate SSTs occur along with the highest d13C of
the entire record. Within MIS 5 the d13C values achieved during
the time of warmest SST are followed by a brief, sharp
reduction and then a rapid return to even higher values than
previously. The strengthened THC during the glacial inception
of the MIS 5e/5d transition [Duplessy and Shackleton, 1985] has
been suggested to play an important twofold role by providing
the moisture source required to facilitate rapid ice growth
[Ruddiman et al., 1980] and in ameliorating the SST decline
brought about by declining insolation and growing ice sheets
[McManus et al., 2002]. At Site 980, benthic d13C continued to
increase to even higher values during the subsequent interstadial
substages MIS 5a and 5c (Figure 7, A). This longer-term trend
within the broadly defined interglacial MIS 5 has also been
recognized elsewhere [Keigwin and Boyle, 1985; Labeyrie et al.,
1987; Oppo and Lehman, 1995; Oppo et al., 1997; Vidal et al.,
1997]. Chapman and Shackleton [1998] specifically argued that
the long gradual isotopic increase might reflect an increasing
THC associated with decreasing SST, although alternative
explanations exist. These include a mean ocean trend in d13C,
which is consistent with a small shift over this interval in
epifaunal benthics from Site 849 in the Pacific [Mix et al.,
1995] or a general shift in the d13C of surface waters that
eventually ventilate the deep ocean. Such a shift in surface d13C
is widely evident from the tropics [Curry and Crowley, 1987] to
the sub-Arctic [Fronval and Jansen, 1997] and in the Atlantic
[Labeyrie et al., 1999], Pacific [Shackleton et al., 1983], Indian
[Shackleton and Pisias, 1985], and Southern Oceans [Ninne-
mann et al., 1999].
[31] Perhaps the most striking support for the MPM results
comes from the extreme glaciation of MIS 12. SSTwas reduced by
10C during this interval, making it not only the most glaciated
Figure 7. Paleoclimate data from Ocean Drilling Program (ODP) Site 980 (55290N, 14420W, 2179 m) over the last
0.5 million years [Oppo et al., 1998; McManus et al., 1999]. Benthic data were obtained from Cibicidoides
wuellerstorfi. SST data were derived from d18O measurements of the planktonic foraminifera Neogloboquadrina
pachyderma dextral, adjusted for ice volume using the benthic d18O. ‘‘A’’ (MIS 5a–5c, 80–100 kyr) and ‘‘B’’ (MIS
12, 420–440 kyr) indicate portions of the record demonstrating that the strongest THC is associated with moderate
SST and the weakest THC is associated with coldest SST. Bold numerals indicate marine isotope stages (MIS).
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interval of the last 0.5 million years, based on sea level proxies
[Shackleton, 1987; Rohling et al., 1998] but also the coldest time in
the North Atlantic and possibly globally [McManus et al., 1999].
At Site 980 these extremely cold SSTs were accompanied by
dramatically diminished d13C, suggesting a marked drop in THC
strength (Figure 7, B). The d13C declined to values of 0.0% that
are not found anywhere in the modern Atlantic Ocean [Kroopnick,
1980]. Brief excursions during the coldest intervals reach values of
0.5%. Although the severe climate and increased ice volume of
MIS 12 would likely have decreased the terrestrial carbon reser-
voir, leading to a transfer of isotopically light carbon to the oceans,
as inferred for the LGM [Shackleton et al., 1983], the amplitude of
the d13C shift across MIS 12 at Site 980 is, nevertheless, >3 times
the size of the global shift during the LGM, when terrestrial
productivity was reduced by 33% of modern (G. Hoffmann et
al., Personal communication, 2001).
[32] The dramatic shift in d13C during MIS 12 was also evident
in the THC index constructed by Raymo et al. [1990], who found
that deep North Atlantic values most nearly approached Pacific
values at that time. A similar result was obtained by Flower et al.
[2000] using additional cores with improved resolution and
epifaunal analyses. The combined SST and d13C data of Site
980 allow comparisons throughout the interval containing MIS 12
(Figure 7, B). The moderate SST values of MIS 13 are associated
with the highest d13C. A subsequent increase in SST during late
MIS 13 is accompanied by a decline in d13C, to values of 1.0%
that are comparable to modern NADW values. Both SST and
d13C reach minima during MIS 12 before returning to values that
are also similar to modern in MIS 11 (13C, 1.0%). Throughout
this particular sequence, as during MIS 5–6, the paleoclimate
data are consistent with the MPM results that suggest that while
the warmest SST is associated with a relatively strong THC, the
strongest THC is associated with moderate SST, and extreme cold
SST is associated with the weakest THC. Alternative explanations
apply, but at this point the MPM results must be considered
among the viable interpretations. This comparison underscores
the importance of confirming the d13C data and the need to
resolve existing ambiguities in the sedimentary record of past
variations in the strength of THC, particularly during a range of
cold climates.
4. Mechanistic Analysis
[33] In this section, we analyze the possible mechanisms which
are responsible for the responses of the THC (Figure 1) to cold
climates. In particular, we examine the role of the hydrologic cycle
in determining the various THC modes and delve into the reasons
for the collapse of the THC.
4.1. Role of Hydrologic Cycle
[34] From Figure 6b we note that for colder SAT values the
atmospheric poleward moisture transport is reduced in the
middle latitudes upon cooling. This is qualitatively consistent
with the results from a coupled atmosphere-ocean GCM [Man-
abe et al., 1991]. This occurs in the MPM because of the
reduced gradient of the surface specific humidity in a cold
climate [Wang and Mysak, 2000]. Also, as the climate is cooled
down, the ice sheets begin to grow (see WM, section 3, and
Figure 2) and hence the freshwater flux into the ocean is
reduced. However, the reduction of this freshwater flux to the
ocean due to the ice sheet growth is much smaller than that due
to the reduced atmospheric poleward moisture transport, when
the ice sheets reach quasi-equilibrium states. (During the first 10
kyr of the last glacial period, which is a rapid ice sheet growth
phase, sea level dropped 50 m [Johnson and Andrews, 1979].
The resulting oceanic freshwater flux reduction is 0.057 Sv.
However, in the MPM, the ice sheet growth at the end of the
model runs is much smaller than the rapid ice sheet growth
during the first 10 kyr of the last glacial period [WM]. In Figure
6b, at 50N, the difference of the moisture transport between the
value of the control run and that of the run with the global mean
SAT of 7.27C is 0.10 Sv.)
[35] The reduced freshwater flux into the ocean will increase
the surface salinity in the subpolar North Atlantic Ocean. Hence,
the NADW is enhanced and the THC is intensified. This
mechanism is responsible for an intensified THC due to global
cooling in the coupled atmosphere-ocean GCM of Manabe et al.
[1991]. In order to test the role of the active atmospheric
hydrological cycle in the MPM, we did another set of sensitivity
experiments, which are similar to those in Figure 1 except that
the freshwater flux into the ocean is fixed as that in the control
run. By doing so the effects of the atmospheric hydrological
cycle, ice sheet growth, and the freshwater transport related to sea
ice are removed.
Figure 8. The maximum THC intensity in the North Atlantic
versus the global mean SAT for fixed oceanic freshwater flux runs
(dashed line). The solid line is taken from Figure 1.
Figure 9. The definition sketch for upper and lower layers and
low and high latitudes.
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[36] The dashed line in Figure 8 shows the response of the
maximum intensity of the THC in the North Atlantic to various
cold climates for a fixed freshwater flux. Clearly, this intensity
does not change very much as the climate is cooled down to 9C,
in contrast to the case with an active hydrological cycle (solid line).
Although the intensity of the THC jumps up to 22.5 Sv after the
global mean SAT drops below 9C, the THC still collapses for an
extremely cold climate. This result strongly suggests that the active
hydrological cycle is responsible for the intensification of the THC
for a slightly cold climate.
4.2. Why the THC Becomes Weak and Then Collapses
[37] From Figure 1 we observe that for very cold climates
(global mean SAT below 7.9C) the THC becomes weaker than
for the control run and collapses when the global mean SAT is
7.27C or lower. In order to understand this the time series of the
maximum THC intensity in the North Atlantic, the difference
between the lower and upper layer densities relative to the same
initial density difference at the convection site (around 62.5N),
and the difference between the high and low latitude density
relative to the same initial density difference (see Figure 9 for
definitions of the upper and lower layers, low and high latitudes)
are plotted in Figure 10 for the experiment which has the global
mean SAT of 7.27C (last 5-kyr mean). This corresponds to the
planetary emissivity increase of 8%. From Figure 10a we note that
the intensity of the THC increases first and then begins to decrease
at around 2 kyr as the climate cools down, which is consistent with
the results derived from Figure 1. Corresponding to the intensity
change of the THC, the vertical density difference anomaly
becomes negative at first (corresponding to a stronger THC) and
then becomes positive at around 2 kyr (Figure 10b). Finally, at
around 5.5 kyr the vertical density difference anomaly approaches
a critical value beyond which the THC collapses. From Figure 10c
we observe the opposite behavior of the horizontal density differ-
ence anomaly. The anomaly first becomes positive, then goes
negative at around 2.5 kyr, and finally approaches a critical value
at around 5.5 kyr.
[38] On the basis of above results we suggest that the change of
the THC intensity is driven by density changes, which in turn, are
controlled by the climate change. A natural question that arises is,
what is the relative importance of the vertical density difference
anomaly at the convection site and the horizontal density difference
anomaly in the upper layer? In the work by Winton [1997], on the
basis of his box model and a zonally averaged ocean model study,
the vertical stratification determined the NADW formation rate,
which is mainly responsible for the change of the THC. However,
Figure 10. The time series of (a) the maximum THC intensity in the North Atlantic, (b) the vertical density
difference (lower layer density minus upper layer density) anomaly relative to the same initial density difference at the
convection site (around 62.5N), and (c) the horizontal density difference (high-latitude density minus low-latitude
density) anomaly relative to the same initial density difference in the upper layer for the experiment which has the 8%
increase of the planetary emissity and global mean SAT of 7.27C at the end of the model run. Note that the
hydrological cycle is not fixed.
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in the work by Hughes and Weaver [1994], a linear relationship is
found between the intensity of THC and the meridional gradient of
vertically integrated steric height; in the box model studies of
Rahmstorf [1996], the horizontal density gradient plays a domi-
nant role for the THC intensity change. In the work by Prange et
al. [1997], although convective processes are not resolved, the
THC becomes weak when the global temperature decreases. Here
we cannot separate the effects due to the two types of density
change. However, they appear to have similar effects on the THC
in the MPM.
4.3. Is the THC Collapse Mainly Due to Temperature
or Salinity Changes?
[39] In this section, we will argue that temperature changes are
mainly responsible for the weakening and ultimate collapse of the
THC. First, we observe that the reduced poleward atmospheric
moisture transport shown in Figure 6b together with the growth of
ice sheets will reduce the freshwater flux into the subpolar North
Atlantic Ocean and hence increase the surface salinity there. Also,
from Figure 8, for the experiment with fixed freshwater flux, the
THC is still collapsed for very cold climates. Therefore the salinity
change may not contribute to the weakening and ultimate collapse
of the THC. In fact, for the experiment which has the global mean
SAT of 7.27C, the largest salinity increase at 52.5N (to the south
of the NADW formation region) is +0.2 psu (not shown), which is
due to both the reduced freshwater flux into the ocean and the
intensified THC for a slightly cold climate. (However, at the
convection site (62.5N) the salinity is slightly reduced (by 0.1
psu) even when the THC is intensified, which is mainly due to the
southward freshwater transport associated with sea ice; at 72.5N
the salinity reduction is much larger (up to 0.7 psu), which is
mainly due to the southward shift of the NADW formation region.
Another set of sensitivity experiments without salt rejection of sea
ice shows an increase of salinity at the convection site, a more
intensified THC (by several Sv) and also a southward shift of the
NADW formation region (not shown). Therefore the southward
freshwater transport associated with sea ice has a slight weakening
effect on the THC in the MPM results.)
[40] In Figure 11 we now show the time series of the
maximum intensity of the THC, the upper and lower layer
temperatures relative to their initial values at the convection site,
and the low and high latitude upper layer temperatures relative to
their initial values. We observe that at the convection site the
upper layer temperature anomaly is larger than that of the lower
layer until 4 kyr. However, after 4 kyr, the anomalies of the upper
and lower layer temperature are quite similar. This is mainly due
to the fact that sea ice may insulate the air-sea heat exchange and
hence prevent the surface from further cooling, i.e., the surface
cooling may be ‘‘saturated.’’ Taking into account the role of
pressure, the density change in the lower layer is larger than that
Figure 11. The time series of (a) the maximum THC intensity in the North Atlantic, (b) the upper and lower layer
temperature anomalies relative to their initial values at the convection site (around 62.5N; dotted line corresponds to
lower layer; solid line corresponds to upper layer), and (c) the low- and high-latitude temperature anomalies relative to
their initial values in the upper layer (dotted line corresponds to high latitudes; solid line corresponds to low latitudes)
for the same experiment as in Figure 10.
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in the upper layer for the same temperature anomaly. This is the
reason that in Figure 10b the vertical density difference anomaly
becomes negative first and then positive. Also, from Figure 11c,
although the temperature anomaly drop in the high latitudes is
larger than that in the low latitudes after 1 kyr, the difference
between them becomes smaller after 4 kyr. Upon considering the
nonlinear effect of the temperature change on the density, a
smaller temperature anomaly causes a larger density change in
the low latitudes (see Figure 10c), which may affect the meri-
dional upper layer density gradient.
[41] Also, from the time series of the upper and lower layer
salinity relative to their initial values at the convection site and the
low- and high-latitude salinity relative to their initial values (Figure
12), salinity changes are found to be very small just before the
THC collapses. (Note that in Figure 12b the low- and high-latitude
salinities averaged over the upper layer decrease when the THC in
the North Atlantic is intensified. This is due to the fact that an
intensified THC enhances salt transport from the North Atlantic
Ocean basin to the Antarctic Circumpolar Current (ACC) region.
Further analysis (not shown) shows an increase of salinity in the
ACC region as a consequence of the salinity decrease in the North
Atlantic. This salinity anomaly then propagates to the Pacific
Ocean on a millennial timescale. In the experiment with fixed
oceanic freshwater flux we found similar results.) Simple calcu-
lations based on the equation of state used in the ocean model show
that before the THC collapses the density changes due to the
salinity changes only are one order of magnitude smaller than those
due to the temperature changes only.
[42] Therefore we conclude that the climate-induced temper-
ature changes alter the vertical stratification at the convection site
and the meridional upper layer density gradient and hence are
mainly responsible for the weakening and eventual collapse of the
THC for a very cold climate.
5. Conclusions
[43] In this paper, a five-component (atmosphere, ocean, sea ice,
land surface, and ice sheet) climate model of intermediate com-
plexity (the so-called McGill Paleoclimate Model (MPM)) is
employed to study the response of the global THC to various cold
climates. These cold climates are realized by increasing the
planetary emissivity in the MPM linearly over a 5-kyr period
and then keeping it constant for another 15 kyr of model integra-
tion. The results presented are at the end of the model run (the last
5-kyr means). We recognize that each component in the MPM is
rather simple compared with more comprehensive models, and
Figure 12. The time series of (a) the upper and lower layer salinity anomalies relative to their initial values at the
convection site (around 62.5N) (dotted line corresponds to lower layer; solid line corresponds to upper layer), (b) the
low- and high-latitude salinity anomalies relative to their initial values in the upper layer before the THC collapse
(dotted line corresponds to high latitudes; solid line corresponds to low latitudes), and (c) the low- and high-latitude
salinity anomalies relative to their initial values in the upper layer for the whole model integration period (0–20 kyr)
using a compressed vertical scale (dotted line corresponds to high latitudes; solid line corresponds to low latitudes) for
the same experiment as in Figure 10.
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therefore there are many uncertainties in the model results.
Although we cannot give precise details of the THC corresponding
to various cold climates, the following results appear to be fairly
robust: (1) A slightly cold climate may have a strong THC as
compared to the present-day THC. A very cold climate may have a
weaker or collapsed THC as compared to the present-day THC. (2)
Model results suggest that the THC is relatively strong during the
inception phase and early stage of a glaciation, while the THC is
not strong (as compared to the present-day THC) or even weaker
for a peak glacial. (3) The hydrological cycle might be responsible
for a strong THC in a slightly cold climate. (4) The thermal factor
is responsible for a weak or collapsed THC in a very cold climate.
(5) The potential influence of surface temperature changes must be
taken into account for a full understanding of the role of the THC
in the climate system.
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